This study provides an overall understanding of the summertime synoptic variability of precipitation and moisture transport at mid-latitude from the eastern coastal region of China to the northwestern Pacific. Using satellite precipitation and reanalysis data, a clear relationship is found between upper tropospheric disturbances (Rossby waves), surface precipitation, and lower tropospheric humidity through July and August. The upper tropospheric disturbances are characterized by the undulation of the 1.5 PVU contours of potential vorticity (PV) on the 350 K isentropic surfaces. Case studies suggest that a precipitation band of several hundred kilometers wide and a thousand to several thousand kilometers long is formed very frequently on the equatorward and low-PV side of the northernmost 1.5 PVU contours, which meander together around 40°N. Lower tropospheric specific humidity is also enhanced there, and it falls sharply to the north of these contours. The synoptic situations associated with it include, but are not limited to, a common situation in which moist convection is enhanced ahead of upper-level troughs. These results are confirmed by a composite analysis over the 12 summers from 2001.
Introduction
The synoptic variability of extratropical weather systems has been studied for many years. Although research has concentrated on the cool (fall to spring) seasons, some studies cover the summertime. Storm tracks exist over East Asia and the North Pacific (e.g., Blackmon 1976 ). In the summertime, a track extends from the eastern part of China and the Yellow Sea to the North Pacific over the region of the Japanese islands, and another track extends eastward from the north of the Tibetan Plateau (Whittaker and Horn 1984; Chen et al. 1991; Mesquita et al. 2008 ). However, their activity is lower than in the cool seasons (Whittaker and Horn 1984; Chen et al. 1991) , and the baroclinicity and poleward heat transport associated with them are significantly weaker (Nakamura 1992; Ren et al. 2010; Yanase et al. 2014) . Therefore, the effect of baroclinic synoptic eddies on summertime weather systems, and in particular on precipitation, is not obvious and is poorly characterized.
Summertime precipitation over East Asia and the extratropical northwestern Pacific has been studied extensively in terms of the East Asian summer monsoon. Moisture is provided from the tropics along the western and northern rim of the North Pacific high, and in early summer the Meiyu-Baiu rainband is formed. Extensive studies of the meso-scale disturbances along the Meiyu-Baiu frontal zone have covered many aspects, from their climatology to their dynamics (Ninomiya and Akiyama 1992; Ninomiya and Shibagaki 2007 , and the references therein), which includes their forcing by means of the piecewise potential vorticity inversion (e.g., Chen et al. 2003; Tochimoto and Kawano 2012) . However, much fewer studies have examined the dynamics of the synoptic Meiyu-Baiu variability (e.g., Akiyama 1990; Chang et al. 1998) , and there are even fewer synoptic studies of mid-summer precipitation (e.g., Chen et al. 2004) .
In the summertime, upper tropospheric Rossby waves propagate along the Asian jet and break at its exit over the Pacific (see Fig. 1b for the summertime climatology of zonal wind and geopotential height at 200 hPa). Postel and Hitchman (1999) showed that tropopause-level extratropical Rossby wave breaking, defined as the meridional overturning of isentropic potential vorticity contours, is most frequent in summer. One of the regions that experience frequent breaking is the western Pacific where the climatological potential vorticity contours on the 350 K isentropic surface are deflected southward (Fig. 1) . This is closer to Eurasia than the corresponding region in winter. Therefore, it may be worthwhile to investigate the effect of propagating or breaking upper tropospheric Rossby waves on the synoptic variability of moisture transport and precipitation. As shown below, the effect is indeed significant and explains the overall synoptic variability from the eastern coastal region of China to the northwestern Pacific around 40°N.
This study focuses on July and August. These two months are different from each other in the monsoon context, since the Meiyu-Baiu period typically ends in July, while the mid-summer regime typically holds in August. However, the features found in this study are common to both months, so the statistics are calculated for the two months together. Separate results for July and August are mentioned in the text where relevant. The results for June are also mentioned briefly. Note that the impact of the upper tropospheric PV disturbances have been studied rather extensively for the tropics and subtropics (e.g., Kiladis and Weickmann 1992; Yoneyama and Parsons 1999; Waugh and Funatsu 2003; Knippertz 2007) .
The rest of this paper is organized as follows. Section 2 introduces the data used. Section 3 presents the relationship found between upper tropospheric disturbances, lower tropospheric moisture, and precipitation as well as vertical wind. It is hypothesized that the relationship is dominated by the upper tropospheric disturbances. In Section 4, the hypothesis is tested using a novel method and further analyzed to elucidate its mechanism. In Section 5, results are discussed from a wider perspective. For instance, surface fronts and seasonality are discussed. Finally, the conclusions are presented in Section 6. ) and geopotential height (contours; interval 50 m) at 200 hPa, and (c) potential vorticity (color shading; PVU) at θ = 350 K.
Data
Data over the 12 northern summers of [2001] [2002] [2003] [2004] [2005] [2006] [2007] [2008] [2009] [2010] [2011] [2012] are used in this study. Statistical analyses cover July and August. The length of the period is sufficient for this study. The results of the composite and statistical analyses made in Sections 3 and 4 are almost unchanged by halving the period to 2001-2006 or 2007-2012. The precipitation dataset used is the Version 7, Tropical Rainfall Measuring Mission (TRMM) Multisatellite Precipitation Analysis (TMPA) 3B42 product (Huffman et al. 2007 ) that covers 50°S-50°N. The original spatial and temporal resolutions are 0.25° × 0.25° and 3 hours, respectively, but they are coarsened to 0.5° × 0.5° and 1 day by spatially binning the daily mean product. The 3B42 dataset is produced by merging microwave and infrared precipitation estimates from multiple satellites. The satellite precipitation estimates may have large errors. However, they are of sufficient quality for use in this study, in which the overall synoptic variability is studied. Note that the microwave estimates generally have larger errors over land than over ocean.
The other meteorological data used in this study are the National Centers for Environmental Prediction (NCEP) and the National Center for Atmospheric Research (NCAR) reanalysis data. The product used has a horizontal resolution of 2.5° × 2.5° and is defined at the 17 standard pressure levels (1000, 925, 850, 700, 600, 500, 400, 300, 250, 200, 150, 100, 70, 50, 30, 20, and 10 hPa) . Six-hourly and daily average datasets are available. The daily dataset is mostly used in this study; however, the trajectory calculation in Section 4.4 uses the six-hourly data. The choice of dataset (daily or six-hourly) is justified where required in the text. The daily mean data is used unless otherwise stated. The physical quantities used are zonal and meridional winds, temperature, geopotential height, pressure vertical velocity ω, specific humidity, mean sea-level pressure, and surface pressure. Other quantities such as potential vorticity are derived in this study (see Appendix A).
The NCEP-NCAR reanalysis has been used extensively for atmospheric studies, but it is based on a relatively old analysis system. The dataset is nevertheless used in this study because consistent results are obtained even with it, which suggests some robustness.
Monthly mean National Oceanic and Atmospheric Administration (NOAA) Optimum Interpolation (OI) Sea Surface Temperature (SST) data are also used to show the climatological distribution of SST in Fig. 1. 
Upper tropospheric influence on moisture transport and precipitation

Case study
To investigate the upper tropospheric influence on the synoptic variability associated with precipitation, various meteorological variables are compared with upper tropospheric fluctuations in Ertel's potential vorticity (EPV). Figure 2 shows daily mean specific humidity at 850 hPa and the EPV contours of 1.5 and 3 PVU (10 -6 K kg -1 m 2 s -1 ) on the 350 K isentropic surfaces (potential temperature θ = 350 K) for every other day in July and August, 2010. The 850 hPa specific humidity is generally high over East Asia and the adjacent ocean and has significant day-to-day variation. The humidity at mid-latitude tends to be enhanced in narrow regions on the equatorward and low-EPV side of the 1.5 PVU (or sometimes 3 PVU) contours when the meridional EPV gradient is positive. This feature is especially evident where the 1.5 and 3 PVU contours are relatively close to each other; that is, where there is a well-defined boundary between the tropospheric and stratospheric air masses on the 350 K isentropic surface. The humidity is generally decreased to the north of the EPV contours, and the gradient is often steep over the ocean. Figures for other years exhibit the same features (not shown). The jet stream on the 350 K surface (not shown) tends to follow these EPV contours.
The 850 hPa level is expected to lie near or slightly above the top of the boundary layer of the ocean. At 925 hPa (not shown), which is likely to be within the boundary layer, the specific humidity has the same qualitative features as those at 850 hPa. The 925 hPa humidity also peaks on the equatorward side of the 350 K 1.5 PVU contours, and decreases sharply to the north. However, the humidity at 925 hPa is slightly more homogeneous in the subtropics where the upper-level EPV is relatively low. The results at 700 hPa (not shown) are qualitatively similar to those at 850 hPa, but the equatorward-side peaks located to the south of the upper tropospheric EPV contours are more pronounced. Figure 3 shows daily precipitation together with the 350 K EPV contours. Narrow bands of precipitation, with widths of several hundreds of kilometers, frequently form to the east of the coastal region of China along the upper tropospheric 1.5 PVU contours. The peaks tend to be on the equatorward side of the contours, as with the 850 hPa humidity. Precipitation is particularly enhanced where the contours are PVU and pink contours for 3 PVU) in July (left) and August (right), 2010. The area covered is 90°E-120°E and 15°N-50°N. deflected northward from west to east (e.g., running southwest to northeast). This is a synoptically familiar situation where precipitation is enhanced to the east and west of upper-level lows and highs, respectively. However, precipitation is also frequently enhanced where the EPV contours run zonally or are tilted oppositely (northwest to southeast); that is, precipitation can be enhanced ahead of upper-level highs. The vertical wind ω was also examined at 700 hPa. As expected, the vertical wind is upward where mid-latitude precipitation in Fig. 3 is intense (not shown).
Composite analysis
Composite analysis is conducted to statistically examine the results shown in the previous section. Figure 4 shows a composite of daily specific humidity (925 and 850 hPa), precipitation, and ω (700 hPa) for the analysis period (Julys and Augusts of the 12 years). Here, the data are first shifted (with interpolation) meridionally with respect to the northernmost 1.5 PVU contours on the 350 K isentropic surface and then averaged over time as functions of longitude and the relative latitude with respect to the 1.5 PVU contours. Prior to the averaging, screening is applied to restrict data to days when the northernmost EPV contours are continuous over 120°E-180°. Specifically, data are used only when | | φ φ
10° everywhere between 120°E and 180°, where ϕ i is the latitude of the northernmost 1.5 PVU contour at the i-th longitudinal grid point (here, the interval of the grid points is 2.5°). This screening reduced the number of days used in the averaging to approximately one third of the entire period for each of July and August. Figure 4 shows the result only between 120°E and 180° for consistency with the screening. Note that the east coast of China is at around 120°E. On average, the EPV contours are situated at around 40°N as shown in Fig. 4f . Figures 4a and 4b show the composite specific humidity at 925 and 850 hPa, respectively. Features found in Section 3.1 are reproduced with sharp gradients along the 1.5 PVU contour both at 925 and 850 hPa, and a narrow band of enhanced humidity to the south of the contour. The poleward humidity drop is large to the east of 140°E, over the Pacific Ocean.
Composite precipitation is shown in Fig. 4c . Composite mean values are plotted where the number of data used for averaging is greater than 10. Data missing occurs in the north-west corner, because the TMPA precipitation data are only available up to 50°N. This panel shows that, west of 160°E, precipitation is enhanced within a narrow region with a width of 500 km, south of the 1.5 PVU contours. The region shows a gradual northward shift in the relative latitude from west to east. The enhancement is illustrated more clearly in Fig. 4d , in which the composite precipitation is normalized for each longitude by simply dividing by its latitudinal mean within ±20° in terms of the relative latitude. Figure 4e shows the composite mean ω at 700 hPa. Its distribution is similar to that of precipitation. The composite vertical wind is revisited in Section 4.3 to investigate adiabatic and diabatic contributions. It is shown there that dynamically forced secondary circulations induce the upwelling where precipitation is enhanced. The reason why the relative latitude of composite precipitation and upwelling shows a gradual northward shift from west to east is not clear.
Composites for July and August separately show similar results to Fig. 4 (not shown). The composite result for June is also similar (not shown). Therefore, the features mentioned above are common throughout the northern summer season. However, the concentration of precipitation is slightly weaker in August. The composite analysis over July and August has also been conducted without the screening so that all days in July and August for the 12 summers are used (not shown). The result is again similar to Fig. 4 , although the concentration of precipitation is reduced, with the peak values of normalized precipitation over the ocean reduced from around 3 to 2.4.
To compare with Fig. 4 , simple time averages of 850 hPa specific humidity and precipitation are shown in Fig. 5 . Their meridional distributions are flatter with much weaker contrasts than in the composite results. The meridional gradient of the humidity near 40°N over the ocean is much weaker in this simple time average. The precipitation is enhanced around 40°N, but the meridional contrast is much weaker. These differences between the composite results and the simple time averages suggest that the movement of the upper-level EPV contours smears the sharp features relative to the contours. Note that the time averages for each of July and August separately (not shown) are similar to Fig. 5 . The July results show a little greater contrast, presumably due to Meiyu-Baiu. However, the meridional contrasts are still much weaker than in the composite results in Fig. 4 .
The above results confirm the observation in Section 3.1 that a close correspondence is found between the day-to-day variability of upper tropospheric EPV contours at θ = 350 K and the distributions of lower tropospheric moisture and precipitation.
The enhancement of lower tropospheric humidity and upwelling to the south of the 1.5 PVU contours is qualitatively consistent with the enhancement of precipitation.
The EPV contour undulation is supposed to be due to transient Rossby waves (or Rossby wave-like disturbances) that propagate in the upper troposphere eastward along the Asian jet and break over the Pacific. Therefore, the results suggest that the upper tropospheric Rossby waves have a strong influence on the synoptic variability of the lower tropospheric moisture transport and synoptic precipitation. This hypothesis is tested in the next section.
Quasi-geostrophic diagnosis
In the previous section, it was suggested that upper tropospheric potential vorticity disturbances strongly influence the synoptic variability of the moisture transport and precipitation at mid-latitude from the eastern coastal region of China to the northwestern ). In these panels, the abscissa is longitude and the ordinate is the relative latitude with respect to daily 1.5 PVU contours at 350 K. (f) The mean latitude (°N) of the 1.5 PVU contours used to produce the composites. See text for the composite conditions.
Pacific. However, it may be argued that the vertical association could merely be a consequence of a strong baroclinic vertical coupling, and thus that it might be inappropriate to regard the upper tropospheric disturbances as the cause. Even though overall baroclinicity is weak in summertime, this possibility should be examined. Vertical forcing (or interaction) processes are investigated in this section, together with the actual mechanism of the synoptic variability of lower tropospheric humidity and precipitation.
The investigation is conducted in the quasi-geostrophic (QG) framework, under which calculations such as piecewise potential vorticity inversion (PPVI) are conducted. The QG calculations in this study are made under the β-plane approximation with the reference latitude 35°N. The quasigeostrophic potential vorticity (QGPV) is a linear function of the QG stream function. Thus, a merit to use QGPV over EPV to conduct PPVI is its uniqueness due to the linearity. The QG framework also makes theoretical argument easier than with the primitive equations.
The overall validity of the QG analyses has been checked by visual comparison of the daily distributions of EPV and QGPV. Figure 6 is an example, where 350 K isentropic EPV, 200 hPa isobaric EPV, and 200 hPa isobaric QGPV are shown. Disturbances seen in the three panels are morphologically similar, as is also the case for other days (not shown). Both types of potential vorticity (PV) show a marked contrast between the air masses of tropospheric and stratospheric nature. Isobaric EPV and QGPV disturbances also show similar morphology in the mid and lower troposphere. Therefore, the QG analyses such as PPVI are supposed to be valid to the first order, at least for theoretical argument.
Following Bretherton (1966) , the QGPV is extended to include the contribution of temperature anomalies at the top and bottom boundaries, which are set to constant pressures in a way that the vertical boundary condition for the quasi-geostrophic stream function is the Neumann condition. This formulation makes theoretical argument easier than with the original QGPV, which deals only with the interior of the atmosphere (Bretherton 1966) . The extended QGPV is expressed as
where subscripts denote partial derivatives, x and y are Cartesian zonal and meridional coordinates, respectively, and z ≡ -Hln(p/p 0 ) is the log-pres- sure height (H is the constant scale height, set to 7 km in this study, p is pressure, and p 0 = 1000 hPa); the bottom and top boundaries are assumed to be at z = 0 and z t , respectively; ψ ≡ (Φ -Φ ref )/f 0 is the quasi-geostrophic stream function (Φ is geopotential, Φ ref is its reference profile, which is a function only of z, and f 0 is the Coriolis parameter at the reference latitude 35°N), while ε ≡ f N 0 2 2 / is the squared aspect ratio (N is the log-pressure buoyancy frequency derived from the northern mid-latitude summer climatology as a function of z), and δ is the Dirac delta function.
If we add infinitesimally thin layers to both vertical boundaries and set ψ z = 0 there (i.e., at z = 0 -0 and z = z t + 0), allowing discontinuities in ψ z , Eq. (1) reduces to the same form as the ordinary definition of QGPV:
A discretized version of this equation, described in Appendix A, is used for the QGPV in the following. The value of q at the bottom level, p = 1000 hPa, includes the contribution of the temperature anomalies there, irrespective of actual surface pressure (see Appendix A for its validity). The finite difference form of the third term of the rhs of Eq. (2) at 1000 hPa is approximately equal to εψ z d / there, where d is the thickness of the bottom layer employed in this study (Appendix A). In other words, the contribution of the delta function in (1) is made finite by averaging over the finite thickness. It is now evident that one merit of this formulation is that the contribution of the bottom temperature anomalies can be directly compared with that of the interior QGPV. Another merit is its usefulness for potential enstrophy analysis as described below. Its drawback, however, is that PV values depend on the thickness of the bottom layer, which is arbitrarily assumed. Figure 7 shows the summer climatology of QGPV, q, at selected pressure levels. Here and in the following, the overbar denotes the time average taken over the entire July and August periods of the 12 years. The QGPV at 200 hPa (Fig. 7a) exhibits sharp gradients at around 40°N, which roughly corresponds to the mean location of the tropopause at that level. The gradient is especially high over the continent owing to the upper tropospheric Asian jet. Also seen at this level, as well as at 300 hPa, is the climatological overturning of QGPV over the subtropical mid Pacific, which is associated with the mid Pacific trough. The gradient is generally weak in the mid troposphere. The poleward gradient of q is negative at 1000 hPa because of the temperature gradient. Note that the strength of the gradient associated with the bottom temperature gradient is a function of the assumed layer thickness d. Figure 7 also shows the climatology of the transient part of the potential enstrophy, ′ q 2 2 / , where ′ q is obtained by subtracting from q its 15-day running mean. The potential enstrophy at 200 hPa is enhanced where q has a large gradient. The potential enstrophy at 300 hPa is enhanced at higher latitudes than at 200 hPa, presumably because the tropopause generally intersects with the 300 hPa isobaric surface at higher latitudes. If the running mean period is changed, for example to 7 days or 31 days, the magnitude of the potential enstrophy changes, since the effective spectral window is changed. However, its distribution is qualitatively unchanged. In the rest of this paper, the perturbation of a quantity is defined as the deviations from its 15-day running mean, but the results with different running mean periods are mentioned where necessary.
Mean and perturbation potential vorticity and enstrophy
The potential enstrophy at 1000 hPa ( Fig. 7h) is enhanced where the meridional gradient of SST (Fig.  1a) is large. This is expected, since ′ q there is dominated by temperature fluctuation. The perturbation potential enstrophy inside the troposphere is generally smaller than that of the near-surface and tropopausal disturbances (Figs. 7c-g ).
Vertical interaction
Since q y has opposite signs between the upper troposphere and near the surface, ′ q in one of these vertical regions acts to increase the perturbation potential enstrophy in the other, as in the baroclinic instability. However, whether this process is effective in the real atmosphere depends on its amplification rate.
The governing equation for QGPV under the quasi-geostrophic approximation is
where t is time, u g and v g are the zonal and meridional components of geostrophic winds, respectively, Q is proportional to diabatic heating rate Q as Q ≡ 2 7 0 2 2 f pQ N H , and X and Y are the frictional acceleration on u g and v g , respectively. Equation (3) can be linearized for perturbation as,
As mentioned above, the perturbation is defined as the deviation from the 15-day running mean, and the basic state is defined as the climatological time mean. In this case, ′ a , where a is an arbitrary physical quantity, is not mathematically zero since ′ a is not defined as a -a . However, ′ a is neglected from scaling considerations. This means that we neglect the effect of interannual and low-frequency variability on the perturbation.
If we neglect the non-conservative terms on the rhs of Eq. (4), the equation for the quasi-geostrophic potential enstrophy is obtained as follows:
where
, and ρ 0 is a constant reference density. If Eq. (5) is time-averaged,
Here, the time derivative is neglected because the time averaging is made in the climatological sense. The terms ρ ′ ′ v q g and ρ ′ ′ u q g are the divergences of wave activity fluxes, if the basic state is sufficiently slowly varying (Plumb 1986 ), which is not necessarily the case for the current study. In general, however, remote forcing of the perturbation potential enstrophy is represented by the rhs of Eq. (6), which can be quantified by using the QG PPVI. Appendix C explains the merit of using potential enstrophy over energy in order to quantify vertical interaction. While remote forcing is local and direct in the potential enstrophy budget, it is non-local in the energy budget. A limitation of the potential enstrophy analysis is also stated in Appendix C. The vertical interaction is investigated by using Eq. (6) , respectively (p 1 and p 2 are written in hPa). , as expected. Figure 8b is similar to Fig. 8a , but the values are divided by ′ q 2 2 / averaged over 700-400 hPa. It therefore shows the potential enstrophy forcing rate, i.e., 1/(e-folding time). Figure 8b shows that the time scale of the forcing mentioned above is on the order of 10 days to the west of the dateline. This is longer than the time scale of horizontal propagation, as will be shown below.
The potential enstrophy forcing of the upper tropospheric (200-300 hPa) disturbances from lower levels is also calculated (Fig. 9e) . Positive forcing is found in mid-latitude, but it is weak. The e-folding times are typically 20 days over northern Japan and the western Pacific (Fig. 9f) . This is much longer than the typical time scale of zonal propagation, which is explained as follows. The zonal propagation of the wave activity is dominated by the advection due to the mean flow, which was confirmed by calculating the wave activity flux of Plumb (1986) (not shown). Mean zonal wind speed in the upper tropospheric mid-latitude jet is around 20 m s -1 . The time it takes to travel 4000 km ( 60° zonally at 40°N) at 20 m s -1 is 2 days. Therefore, the perturbation potential enstrophy transport around the jet is dominated by horizontal transport, even though there is some vertical interaction.
The analysis shown above was repeated by using the deviations from the 7-day running mean. The forcing strength is somewhat reduced, as expected, but the forcing time rate is similar to that in Fig. 8b . This is also the case for the interaction with the near-surface level shown below. Using the six-hourly data instead of the daily data in the forcing calculation for Fig. 8 gives very similar results. The validity of using the daily data has also been confirmed for the analyses below except for the trajectory calculations in Section 4.4. Figure 9 shows the potential enstrophy forcing from the upper and mid troposphere to 1000 hPa, where ′ q includes the contribution of the near-surface temperature anomalies. Significant positive forcing / averaged between 700 and 400 hPa so as to represent the temporal e-folding rate (s -1 ).
1 Here, the averaging in p of a quantity f is defined in the form of is found around 40°N over the Pacific, where the SST gradient is high (Fig. 1a) and thus q has a large negative meridional gradient (Fig. 7h) . The e-folding time of the forcing is roughly 2 days from the upper troposphere (Fig. 9b ) and 1 day from the mid troposphere (Fig. 9d) . Therefore, the near-surface potential enstrophy is strongly forced from above.
What this result directly means is that, where low-level winds induced by ′ q aloft are southerly (northerly), near-surface ′ q is likely positive (negative), so it is amplified, given the sign of q y . It does not directly tell the origin of the near-surface ′ q to be amplified. However, since the current analysis is based on covariances, the contribution of near-surface ′ q uncorrelated with upper-level ′ q should be canceled out statistically. Therefore, given the sign of q y , the portion of near-surface ′ q contributing to the result is explained as induced by upper-level ′ q . Therefore, it indicates that the induction and amplification of near-surface ′ q from above is effective. Since the sign of q y at 1000 hPa over the mid-latitude Pacific, which is negative, is opposite to that above it, the perturbation potential enstrophy forcing from 1000 hPa to the mid and upper troposphere is also positive from Eq. (C5). That is, the near-surface and mid-to-upper tropospheric disturbances are mutually amplifying as in baroclinic instability. However, the upward forcing from below is weak not only to the upper troposphere as shown above but also to the mid troposphere. Therefore, the vertical potential enstrophy forcing in the region of interest is predominantly one-way from the upper troposphere to near surface.
We have neglected the impact of diabatic heating on the perturbation potential enstrophy. However, diabatic heating affects PV as seen in Eq. (3) for QGPV, so its impact is examined here. PV is reduced above the peak of mass-weighted diabatic heating. Therefore, the enhanced condensation heating to the south of the upper-level 1.5 PVU contours acts to enhance or maintain the low PV aloft, a positive feedback for the composite feature. However, it should be quantitatively minor. The big contrast in PV between the stratospheric and tropospheric air masses is primarily due to the contrast in the static stability. It is not realistic to suppose such a great stability increase to systematically occur on a large scale in the upper troposphere by condensation heating (note also that the 200-300 hPa levels where potential enstrophy is enhanced are well above the mass-weighted heating peak). A rough quantitative estimation from Fig. 4c supports it (not shown). Therefore, the above argument based on the dynamical vertical interaction is supported.
Upwelling mechanism
It is found in Section 3 that both precipitation and upward wind are enhanced to the south of the 1.5 PVU contours on the 350 K isentropic surfaces. The mechanism driving the upwelling is investigated in this section. Figure 10 shows the composite divergence of the Q-vector by Hoskins et al. (1978) :
where R is the gas constant, and H ∇ is the horizontal gradient operator. The composite is made in the same way as in Fig. 4 and is shown for 700 hPa. As expected from the omega equation, the Q-vector is convergent where the composite ω in Fig. 4e is negative (upwelling). The convergence is found throughout the troposphere as shown in Fig. 11a . Therefore, the upwelling is interpreted as the ageostrophic secondary circulation forced by the geostrophic flows. The convergence is explained almost entirely by Q 2 , the meridional component of the Q-vector (not shown). Since the temperature gradient is predominantly meridional, this result indicates that the upwelling is mostly induced by confluence; the Q-vector component parallel to the temperature gradient is associated with confluence or difluence, and the fact that the Q-vector convergence is to the south of its divergence (i.e., the composite Q-vector is southward) implies the dominance of confluence. Note that the thermal-wind relationship implies that the upper-level westerly wind is enhanced where the equatorward temperature gradient is enhanced, as metioned in the case study in Section 3.1.
Q-vector analysis is carried out on individual days (not shown). On mid tropospheric pressure levels, the Q-vector below the 350 K 1.5 PVU contour is in many cases enhanced and broadly directed toward the direction of increasing temperature. The results suggest that confluence is the most important factor in inducing upwelling. However, there are cases in which the Q-vector is directed to different directions. Further study would be needed to explain individual cases.
The region where the Q-vector is convergent is tilted in the vertical cross section (Fig. 11a) . The region with a relatively strong meridional temperature gradient is also tilted. Given this morphology and the importance of confluence, the induction of the secondary circulation is by frontogenesis. This is discussed further in Section 5.
The direct influence of upper-level disturbances is investigated using the QG PPVI, but first, the results with and without PV inversion are compared. Figure  11b is the same as Fig. 11a , except that the Q-vector is obtained using the PPVI. Here, Eq. (7) , where
1000 200 is obtained from ′ q over 1000-200 hPa. The climatological mean term ψ is added in order to retain the contribution of the climatological temperature gradient. The divergence shown in Fig. 11b is similar to that in Fig. 11a , indicating the validity of the PPVI, but the magnitude is reduced. This is because ′ ψ + ψ ≠ ψ . For example, the effect of the year-to-year variability of the background temperature gradient is not incorporated in Fig. 11b . Figure 11c is the same as Fig. 11b , except that ′ ← ψ g [ , ] 300 200 , obtained from ′ q over 300-200 hPa, is used. Therefore, it shows the dynamical forcing of the secondary circulation by upper-level disturbances. The convergence near zero relative latitude in the upper troposphere is similar in the two panels. The result indicates that the upper-level disturbances can directly induce upwelling; note that since the omega equation is elliptical, the impact of its forcing is spread out. However, the Q-vector convergence is weaker in the lower troposphere in Fig. 11c than in Fig. 11b . Also, the convergence in the lower troposphere in Fig. 11b is, unlike in Fig. 11c , tilted and enhanced approximately at -5° in the relative latitude. Therefore, mid-to low-level disturbances in ′ q associated with upper-level disturbances (because we are now examining the composite with respect to upperlevel disturbances) are also important, and they shift the upwelling southward. In order to isolate the contribution of the climatological mean geopotential to the Q-vector composite, the same composite is made by using only ψ (by setting the perturbation ψ to zero). The resultant Q-vector divergence composite (not shown) is still negative (convergent) at around the zero relative latitude, but the magnitude is much weaker (smaller than 1/5 of the convergence in Fig. 11a ). The meridional extent of the convergent region is approximately 2000 km throughout the troposphere, which is much broader than in Figs. 11a-c . Therefore, the narrow and strong Q-vector convergence in Fig. 11 is associated primarily with the perturbation geopotential. Note that the broad convergence associated with the climatological geopotential shown here is expected qualitatively from the climatological study of Sampe and Xie (2010) that showed the climatological warm horizontal advection in the Meiyu-Baiu frontal zone (although the analysis period is different).
The importance of the secondary circulation shown in this section does not imply that the upwelling is predominantly adiabatic. The diabatic effect is actually important. Figure 12 shows the composite adiabatic cooling derived from the composite ω between 1000 and 200 hPa. For ease of comparison with precipitation, the adiabatic cooling is divided by the latent heat of water vapor (at 0 °C). A direct comparison with Fig. 4c requires the radiative cooling rate to be subtracted from the composite precipitation. A rough estimate suggests that it is about 4 mm day -1 . If 4 mm day -1 is subtracted from Fig. 4c and the result compared with Fig. 12 , values in these two figures are roughly comparable. It suggests that the latent heating has a significant, leading-order impact on the magnitude of upwelling. There are regions where the diabatic heating rate is even greater than the adiabatic cooling rate, which is inconsistent with the composite convergence of the Q-vector suggesting dynamical induction. However, this quantitative comparison should not be taken at face value, since the data sources for the two figures are different. Since the Q-vector convergence is likely a robust feature, the composite upwelling can still be concluded as dynamically induced, while the upwelling is enhanced significantly via latent heating by reducing the effective static stability. In other words, latent heating plays a significant but passive role.
One might argue that the Q-vector convergence shown above could be a result of diabatic heating, indicating the reversed causality. However, it is unlikely, as explained as follows. The Q-vector is associated with the non-divergent geostrophic wind. Therefore, the upper-level divergence associated with the upwelling induced by latent heating does not have a direct impact on the Q-vector. The divergent wind can induce non-divergent wind, but it would likely be difluence, which causes a northward Q-vector peak (rather than a Q-vector convergence peak) that is inconsistent with the composite result. If the diabatic heating is steady, it can induce meridional wind to maintain the steadiness (Hoskins and Karoly 1981) . However, the expected meridional wind is not necessarily consistent with the composite result. Also, the current composite is made with respect to the meandering upper-tropospheric PV contours, and the diabatic heating is far from steady. Thus, the balance does not apply, and it appears that there is no theory of diabatic induction that explains the composite Q-vector convergence.
Trajectory analysis
As shown in Section 3, low-level specific humidity is enhanced on the southern side of the upper-level (350 K) EPV contours corresponding to the tropopause (e.g., 1.5 PVU). The moisture is provided from low latitudes by the anticyclonic flows associated with the low-level North Pacific high. Visual inspection of daily analyses indicates that the specific humidity enhancement generally occurs on the periphery of the anticyclone, whose day-to-day variation is affected by dynamical forcing from above.
A trajectory analysis is used here to investigate more quantitatively the role of low-level flow and the effect of upper-level disturbances therein, in the synoptic variability of moisture. In this analysis, passive tracers are advected by the horizontal winds at 850 hPa. Since no vertical advection is allowed, the validity of the analysis is severely limited, but the results below suggest that it is still useful.
As the initial condition, tracers are placed at each of 21 grid points arranged rectangularly at 7 longitudes (115, 120, …, 145°E) and 3 latitudes (20, 25, 30°N). They are advected over 5 days using the six-hourly NCEP reanalysis data. The advection is calculated with a 15-minute time step using the second-order Heun scheme with the 850 hPa winds interpolated linearly in time and bilinearly in space. Figure 13 shows the 850 hPa specific humidity as well as the 1.5 and 3 PVU contours on the 350 K isentropic surfaces from August 11 to 14, 2010. Their distributions change day by day. For example, on August 11, the 850 hPa specific humidity is relatively high over the entire Japan Sea and the Japanese islands. At the same time, the EPV on the 350 K isentropic surface is low (tropospheric) there. On August 13, on the other hand, the 850 hPa specific humidity is low and the 350 K EPV is high (stratospheric) over the northern part of the region.
The four panels a-d correspond to start dates of August 6-9. All start times are 00 UTC and the trajectories are calculated over 5 days. The specific humidity and the EPV contours are shown for the final day in each case. The black curves and dots in this figure show the 5-day trajectories and their final positions, respectively. The final positions are in areas of enhanced 850 hPa specific humidity.
The purple curves and dots in this figure are for trajectories advected with [
,
0 , where û and v represent the mean zonal and meridional winds, respectively, averaged over the 31 days centered on the final day of the tracer advection. Therefore, these trajectories represent advection by the mean winds perturbed by the mid to upper tropospheric QGPV disturbances. The trajectories differ from those advected by the full winds (black in the figure), but their latitudinal extent is similar in each panel. For example, the trajectories extend to higher latitude at around 140°E on August 11 and 12 than on August 13 and 14.
Since the advection is purely horizontal, the distri- bution of the final positions is sensitive to the period of advection and the initial position. However, the present results, including others not shown in the figure, indicate that the overall synoptic association of the upper-level EPV distributions and low-level specific humidity is partly explained by the low-level winds induced by the mid and upper tropospheric perturbations. The sharp contrast in the specific humidity near the upper-level EPV contours is presumably due to the secondary circulation described in the previous section.
Discussion
Surface fronts
In Section 4.3, it was shown that the dynamical influence from the upper tropospheric synoptic perturbations is frontogenetic. Figure 14 shows the 1.5 and 3 PVU contours on the 350 K isentropic surfaces together with the surface weather maps produced by the Japan Meteorological Agency (JMA). The figure suggests that surface quasi-stationary fronts tend to be situated slightly to the south of the upper tropospheric EPV contours. This relation is found to hold at other times, and also frequently holds for cold fronts.
These results indicate that the enhancement of precipitation to the south of the upper-level EPV contours can also be viewed as the enhancement of precipitation near surface fronts. This is a more traditional view of weather systems. However, the existence of quasi-stationary fronts merely suggests that there are relatively large near-surface temperature gradients that alone reveal little about the dynamics of their formation, especially when they are not associated with extratropical cyclones. Therefore, it is more dynamically meaningful to relate the precipitation bands to upper tropospheric disturbances. In other words, the formation of surface quasi-stationary fronts may be considered as a part of the synoptic systems initiated in the upper troposphere. Kodama (1993) showed that satellite-derived cloudiness of high-level clouds, which is likely associated with precipitation, in subtropical convergence zones in summertime, such as the Meiyu-Baiu frontal zone, is enhanced when low-level (850 hPa) poleward wind and upper-level (300 hPa) westerly wind are enhanced. As shown in Sections 3.1 and 4.3, westerly wind tends to be enhanced around the 350 K 1.5 PVU contours. Therefore, the results of the present study are consistent with his finding on the importance of upper-level zonal wind, although there are differences in analysis conditions (he established statistical relationship using 10-day mean data at slightly lower latitudes, between 30° and 35°, than in this study).
Association with upper-level jet enhancement
In other words, his findings can be re-interpreted in terms of upper-tropospheric PV disturbances. The key feature that he found of the impact of the upper-level westerly flow is that the low-level frontogenesis is statistically enhanced only when the 10-day mean 300 hPa zonal wind is strong (>15 m s -1 as opposed to <5 m s -1 ; as shown in Fig. 11 of his study). He speculated that when the upper-level jet is strong, it "extends" downward to cause confluence and thereby to increase the low-level frontogenesis. The results of the Q-vector analysis of the present study indicate that the downward influence is realized by the quasi-geostrophic secondary circulation.
Cut-off lows
Cut-off lows have been studied in terms of upper tropospheric disturbances. Hu et al. (2010) concluded that some 20 % of summer precipitation over northeast China is associated with cut-off lows. High PV anomalies at upper levels destabilize lower levels (e.g., Hoskins et al. 1985) to promote moist convection (e.g., Porcù et al. 2007 ). This relation (i.e., precipitation underneath upper tropospheric high-PV anomalies) differs from what has been suggested in this study. Case studies by Zhao and Sun (2007) , however, show examples in which precipitation is enhanced to the east of cut-off lows. Their cases might be consistent with this study.
Cool seasons and tropical moisture export
In a recent climatological study, Knippertz et al. (2013) visualized some cases in which column integrated water vapor is enhanced near the 2 PVU contours on the 340 K isentropic surface in the boreal cool seasons. The spatial relationship is similar to that shown in this study for summer-time. In addition, we have conducted some preliminary case studies for cool seasons. The spatial relationship between low-level specific humidity and the upper-level EPV contours was broadly similar, but the relationship appeared a little different for precipitation. Knippertz et al. (2013) studied the climatology of tropical moisture export to extratropics. This export sometimes takes the form of an "atmospheric river" or "tropical plume" (see the review by Knippertz 2007) . The atmospheric rivers are frequently associated with cold fronts in developed extratropical cyclones (e.g., Ralph et al. 2004) , in which upper tropospheric and near-surface disturbances may be tightly coupled.
Summary and conclusions
The synoptic variability of precipitation and the associated moisture transport have been studied at mid-latitude from the eastern coastal region of China to the northwestern Pacific using TMPA 3B42 precipitation data and the NCEP-NCAR reanalysis data August period. Although the Meiyu-Baiu period typically ends in July, and August is considered to be in the mid-summer regime, the features found in this study are common to the two months. A brief investigation has also been made for June. By investigating the horizontal distributions of daily mean quantities, a clear relationship has been found between upper tropospheric (or tropopausal) disturbances, surface precipitation, and lower tropospheric humidity, as illustrated schematically in Fig.  15 . Here, the upper tropospheric disturbances are characterized by the undulation of the EPV contours of 1.5 PVU on the 350 K isentropic surfaces (the 3 PVU contours are also used). The low-level humidity at mid-latitude tends to be enhanced in narrow regions on the equatorward and low-EPV side of the EPV contours when the meridional EPV gradient is positive. Narrow bands of precipitating area, with widths of several hundreds of kilometers and lengths of one to several thousand kilometers are frequently formed there. The associated synoptic situations include, but are not limited to, a familiar one in which moist convection is enhanced ahead of upper-level troughs; the precipitation bands along the EPV contours can also appear when the contours run zonally, and they can even appear ahead of upper-level highs.
These features are reproduced in the composite means generated with respect to the northernmost 1.5 PVU contours at the 350 K isentropic surfaces. The composite-mean low level humidity is enhanced to the south of the contours, and decreases sharply to the north. The composite-mean precipitation is remarkably enhanced in a narrow region to the south of the contours. The latitude relative to the 1.5 PVU contours of the region shifts north gradually from west to east. The composite-mean upwelling shows a similar feature. Since the PV contours undulate and move meridionally on a daily basis, simple time averaging smears these features to give much weaker meridional contrasts.
The causality of this association has been investigated in the quasi-geostrophic framework. The QGPV used in this study, q , is the extended definition in which temperature anomalies at the top and bottom boundaries are included. The vertical interaction of transient disturbances can be quantified by examining the forcing of the mean potential enstrophy ′ q 2 2 / by utilizing the QG PPVI in a novel manner. The upper-tropospheric perturbation potential enstrophy in the region of interest is provided predominantly from the west along the Asian jet. While the upward forcing from below to the upper tropospheric disturbances is quite minor, the downward forcing on the near-surface (1000 hPa) potential enstrophy is significant, with a characteristic e-folding time scales of 2 days for forcing originating from the upper troposphere and 1 day from the mid troposphere. Therefore, the dynamical forcing is predominantly downward there.
The composite Q-vector indicates that the upwelling associated with the narrow bands of precipitating area to the south of the 1.5 PVU contours is dynamically forced, predominantly by confluence. The upper-level PV disturbances can directly induce upwelling, but it is enhanced and shifted southward by the associated mid-to low-level disturbances. Latent heating there plays a significant but passive role to reduce the effective static stability. The trajectory analysis conducted in this study indicates that the latitudinal extent of humid air masses from the subtropics is partly explained by the low-level flow variability induced by upper-level disturbances.
Surface quasi-stationary fronts tend to be situated to the south of the 1.5 PVU contours at the 350 K isentropic surfaces. Therefore, the relationship found in this study corresponds to precipitation enhancement near surface fronts, which is a more traditional view of weather systems. However, the existence of quasi-stationary fronts merely indicates that there are relatively large near-surface temperature gradients. Therefore, it is not a cause. From the dynamical point of view, it is arguably more meaningful to view the synoptic variability as initiated in the upper troposphere and to place the formation of surface quasi-stationary fronts as an aspect of the variability.
This study provides an overall understanding of the synoptic variability of summertime precipitation and the associated moisture transport from a single point of view, and therefore does not aim to explain all synoptic variability. Further studies are needed for a comprehensive understanding. where A is an arbitrary quantity and i and j represent grid indices. This scheme has a smoothing effect compared with the differentiation using two adjacent grid points (e.g., (  ) in the sense that the resultant ψ or ′ ψ is not identical to the input one. This is because of the mismatch between the forward and inverse procedures. While the inverse procedure to compute q (or ′ q ) is based on finite difference and vertically varying ε , the backward procedure is based on the Fourier transformation, the analytic Green's functions, and the constant ε . However, the rms error is typically a few % away from the lateral boundaries, and it does not significantly affect the results of this study.
Therefore, the vertical interaction is symmetric. If the basic state has an appropriate symmetry in a horizontal direction to allow definition of a pseudomomentum (e.g., if the basic state is zonally symmetric), there is an action-reaction law in the vertical forcing of the pseudo-momentum. Robinson (1989) utilized this law to investigate the Charney problem of baroclinic instability.
On the other hand, the vertical interaction is non-local in terms of energy. This is because an additional vertical integration is needed in the energy equation (see Robinson 1989 , for formulation using Z).
Even when the basic state is not symmetric, the symmetry represented by Eq. (C5) makes the potential enstrophy suitable for investigating vertical interaction. This is the reason why potential enstrophy is used in this study.
Although the interaction among vertical levels can be calculated at any distance, the distance should not be too short. This is because to quantify potential enstrophy interaction within a tightly coupled vertical mode is not productive. From this point of view, the association between the upper tropospheric (or tropopausal) and mid tropospheric QGPV disturbances is examined here. Figure C1 shows the squared correlation coefficient (r 2 ) between ′ q at 250 hPa and ′ q at 500 hPa. A moderate, not high, correlation (r 2 from 0.2 to 0.5) is found where the vertical potential enstrophy forcing, shown in Fig. 8a , is relatively strong whether upward or downward; that is, poleward of 45°N over the continent and 35°N over the Pacific. To assess the effect of phase tilt, correlation is also calculated after shifting ′ q at 500 hPa longitudinally by ±5 and ±10 degrees. It is found that where r 2 in Fig. C1 is greater than 0.2, all of the longitudinal shifts decreased (or had little effect on) r 2 values. The peak values are decreased, and in all the shifted cases, r 2 is less than 0.4 everywhere (in the region covered by Fig. C1) . The results suggest that the upper tropospheric and mid tropospheric disturbances are not tightly coupled. between ′ q at 250 hPa and ′ q at 500 hPa for each longitude and latitude. Contour interval is 0.1. Hatched areas correspond to negative values of the correlation coefficient.
